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ABSTRACT

Attenuation is a potentially very important seismic attribute for seismic exploration and
reservoir characterization. In order for attenuation to be utilized successfully as an
attribute, it must first be reliably extracted from the seismic data and separated from
scattering effects. Existing methods meet fatal difficulties in measuring attenuation from

both surface seismic data and vertical seismic profile (VSP) data.

[ntninsic attenuation measurement from VSP using spectral ratios is seriously affected by
scattering, coupling variations, and difficulties in first-arrival isolation. An algorithm to
estimate intrinsic attenuation from VSP data where reliable seismic impedance logs are
available effectively handles these problems. Using the available impedance profile
calculated from well logs. VSP synthetics including up-going and down-going waves,
multiples and attenuation are calculated. The scattering effect is removed iteratively by
matching real spectral ratios with synthetic spectral ratios. Numerical modeling of infinite
bandwidth and band limited cases shows that this method is accurate, effective and robust
providing coupling variations are frequency-independent over the seismic bandwidth.
Application to real VSP data from offshore Gulf of Mexico block Eugene island 354

shows high attenuation associated with potential gas pay.

Existing methods of attenuation estimation from surface seismic data suffer from wavelet
extraction and scattering removal. An inversion method is developed to solve these
problems. Instead of trying to extract the wavelet directly from the seismic trace and

subsequently separate scattering effects, a full waveform forward modeling and damped



generalized linear inversion (GLI) algorithm to invert Q from the surface seismic trace
are emploved. The forward theory includes all the multiples and attenuation in the
synthetic, thus allowing direct separation of the intrinsic Q from scattering effects. The
employed forward inelastic wave theory also allows dispersion effects to be accounted
for and does not require a constant Q rriodél. Employment of the robust damped GLI
algorithin produces a siable and accuraie inversion resuii. Nuinerical modeiing studies
show that the Q profile can be recovered even if the initial model is not near the correct

answer.



CHAPTER 1. INTRODUCTION |

1.1 ATTENUATION AND ITS IMPORTANCE

[t had been recognized that seismic attenuation can potentially be used as a direct
hvdrocarbon indicator (e.g. Mitchell, 1996) or as an indicator of fluid mobility (e.g.,
Castagna, 1998). However, related measurement of seismic attenuation in the field with
surface seismic data has proven to be elusive. The purpose of this dissertation is to

investigate new methods for seismic attenuation measurement.

Seismic attenuation is the amplitude decrease of the seismic wave with propagation
distance. Attenuation of P-waves is a well-known seismic attribute and oil companies
have used seismic attenuation as a direct hydrocarbon indicator for many years. Studies
have been performed to understand the mechanism of the attenuation (e.g., Ricker, 1952:
McDonal et al., 1958; Futterman, 1962; Jones 1986; Biot, 1956: White, 1975. O’Connel
and Budiansky. 1977; Mavko and Nur, 1979; Palmer and Traviolia, 1980; Murphy et al.,
1986; Dvorkin and Nur 1993) and its utility in reservoir characterization (e.g., Klimentos
and McCann, 1990: Akbar et al., 1993). However, the attenuation mechanism in porous
media is not completely understood. Laboratory measurements (Gardner et al. 1964;
Frisillo and Stewart, 1980; Spencer, 1979 and 1981; Clark et al., 1980. 1981: Winkler
and Nur, 1979 and 1982; Murphy, 1982 and 1983; Jones and Nur 1983; Jones, 1983 and
1986: Tittmann et al. 1983; Bourbie and Zinszner, 1984; Turgut et al., 1990; Frsillo and

Thomsen 1992; Tutuncu et al., 1995; Batzle et al., 1996) and some of the field



measurements (Meissner,[983; Kan et al., 1983; Raikes and White, 1984; Houck, 1987;
Jacobsen, 1987; Yamamoto et al., 1995; Sames et al., 1997) indicate that the attenuation
is frequency-dependent and closely related to the interaction between the pore fluid and
the solid. In particular, the attenuation peaks at some frequency that depends on rock and
fluid properties. However, it is generall}; ndt possible to predict the frequency at which
this attenuation peak occurs from first principles and empirical observations must he
relied upon. There 1s a growing body of evidence (Castagna. 1998) that this may occur
between seismic and sonic frequencies in hydrocarbon reservoirs. Other lessons from the

literature inciude:

. Wave propagation is linear (independent of strain amplitude) at seismic strain and
upper crustal conditions. This has been documented by several experiments at
variable pressures, fluid saturations, and temperatures (Winkler and Nur. 1982:

Murphy, 1983: Jones, 1983).

[$%]

Attenuation in vacuum-dry rocks is negligible (Q of hundreds or thousands)
compared to typical Q values from the upper crust, even at low pressures (Clark et al.,
1980, 1981: Murphy, 1983). Attenuation is virtually independent of frequency in dry

rocks (Spencer, 1981).

3. Attenuation is strongly affected by the fluid saturation. the properties of the pore
fluid. and the seismic frequency (Gardner et al., 1964: Frsillo and Stewart, 1980:

Spencer, 1981; Winkler and Nur, 1982; Murphy, 1983. Jones and Nur, 1983;

(8]



Tittmann et al. 1983. Bourbie and Zinszner, 1984: Jones. 1986; Turgut and
Yamamoto, 1990; Frisillo and Thomsen 1992: Tutuncu et al., 1995; Batzle., 1996).
In particular, attenuation peaks between seismic and sonic frequencies and the effect

is most pronounced for rocks which are partially gas saturated.
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frequency band. The effect is most pronounced tor gas saturation. Seismic velocities
in hydrocarbon reservoirs can be as much as 15% slower than sonic log velocities
(Castagna, 1998), and related directly to fluid viscosity. In addition. in siru P-wave
attenuation measurements compiled by Castagna et al. (1993) show a slight tendency
for permeable sands to exhibit higher attenuation than impermeable shales. An
attenuation profile in a South Texas clastic section measured by Kan et al. (1983) also
exhibits anomalously high attenuation over an interval corresponding to a known gas

reservoir.

Attenuation may be an important parameter in determining permeability. Klimentos
and McCann (1990) measured the attenuation coefficients of compressional waves in
42 sandstones at confining pressure of 40 MPa (equivalent to a depth of burial of
about 1.5 km). The results show that for these samples, compressional wave
attenuation at 1 MHz and 40 MPa is related to clay content and porosity by an
empirical formula. On the other hand, Klimentos and McCann show a strong
systematic relation between clay content and permeability. Based on these results,

Akbar et al. (1993) conclude that attenuation is the key factor in determining



permeability. They examined the relationship between attenuation ;md permeability
using a 3-D theoretical model based on the squirt-flow mechanism. They find that the
permeability-attenuation relation is characterized by an attenuation peak that shifts
towards lower permeabilities as frequency decreases. Therefore the attenuation of a
low-frequency wave decreases with iﬁcréasing permeability. This result is similar to
the cxpenimenial result of Klimentos and McCann (1950). However, Bioi theory

(1956) predicts the opposite effect.

Based on these theoretical and empirical studies, the following hypotheses appear to be
reasonable: (1) attenuation can be a potential hydrocarbon indicator for seismic
exploration, (2) seismic fluid mobility/permeability detection observation using the
attenuation/dispersion may be possible, and (3) acoustic tluid mobility/permeability

logging may be feasible.
1.2 DIFFICULTIES IN MEASURING ATTENUATION

Should the hypotheses presented in the previous section be proved true, attenuation has
such important potential application that it must be considered a very promising seismic
attribute for seismic exploration and reservoir characterization. However, the practical
application of attenuation/dispersion is not so well developed. There are only a few
unsuccessful attempts in seismic exploration (Mitchell et al., 1996; Dasgupta et al.,
1998). For quantitative rock/fluid characterization, attenuation has only been

demonstrated to be useful under very special circumstances (such as rock permeabilities



much higher than the majority of oil reservoirs, see Yamamoto et al., 1995). The main
reason for the failure of seismic attenuation as a geophysical attribute is the lack of a
reliable estimation method from surface seismic data, VSP data and even full waveform

well log data (Anderson, R. G. and Castagna, J. P., 1984).

Theoretically, there are at least five different t measure m seismic
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data: spectral amplitude ratio, peak-peak and first-peak amplitude ratio, rise time, pulse
broadening, and the Futterman causal attenuation operator of an attenuating signal. In
practice, attenuation measurement is measured mainly by spectral ratios. All these

methods suffer the following difficulties:

We refer to attenuation caused by pore fluid and rock fabric as intrinsic attenuation;
Attenuation caused by the fine layering effect (the O’Doherty and Anstey (1971) effect)
is called scattering attenuation. What we are interested in is the intrinsic attenuation.
However the attenuation we measure is generally the total effect of scattering and
intrinsic attenuation. We call this apparent attenuation. Since both intrinsic and
scattering attenuation have a very similar effect on wave propagation, the first difficulty
is to separate them from each other. Although, many authors have addressed this problem
(Kan, 1981; Spencer, 1985; Kang et al., 1994), no accurate methods have been proven.
Another difficulty is the extraction of the wavelet spectra because of the effect of earth

response and the limited resolution of classical spectral analysis.

w



For the seismic frequency range, there are two means of measuring seismic attenuation in
the field: (1) from vertical seismic profiles (VSP), and (2) from surface seismic data.

Both of these methods have similar problems.

1.3 PURPOSES

With respect to the above difficulties in measureing attenuation from seismic data, in this
dissertation, methods for measuring attenuation from surface and VSP data will be
investigated. For VSP data, an iterative scattering removal method is proposed. For the
surface seismic data, the Generalized Linear [nversion (GLI) method is proposed. The
proposed algorithms will try to properly separate intrinsic and layering induced

attenuation, and try to solve the wavelet extraction difficulty.

In the GLI method, we will use the proposed synthetic theory to account for the scattering
effects by assuming the impedance profile is known (from a well log) as is the source
wavelet, and use a damped generalized linear inversion (GLI) method to invert for the
intrinsic attenuation. This synthetic theory is applicable to 1-D media and can include all
the multiples and attenuation in the synthetic trace. We will call it full waveform forward
modeling in the following sections. This method will address two classical difficulties:
the separation of intrinsic and layering induced attenuation and wavelet extraction.
Modeling studies show this method is effective even with AGC filtered seismic data. In

Chapter 4, the method and its modeling results will be detailed.



In the iterative scattering removal method for VSP data, the current spectral ratio method
is improved to extract intrinsic attenuation from VSP data. Usually, VSP spectral ratio
methods are seriously affected by scattering, coupling variations. and difficulties in first
armival isolation. Our method solves these problems, using the available impedance
profile calculated from well logs. We ca.lcuvlate VSP synthetics which include up-going
and down-going waves, mullipies, geometrical spreading and aitenuation. The scatiering
effect is removed iteratively by matching real spectral ratios with synthetic spectral
ratios. This method does not have the first arrival isolation problem because it allows up
and down-going and multiple arrivals within the analysis window. It also effectively
reduces the coupling variation effects. In Chapter 5. we will describe the method, test it

with synthetic data and apply it to real data.

1.4 OUTLINE OF DISSERTATION
There are 6 chapters in this dissertation. Chapter | is the introduction.

[n Chapter 2. wave propagation theory in an attenuating medium is presented. The wave
equation in attenuating media is derived, and the plane wave solution is given. Then
scattering and intrinsic attenuation and their features are discussed. Finaly, the boundary
conditions of plane wave propagation are derived. This chapter is the theoretical

foundation of this dissertation.



In Chapter 3, the existing Q measurement techniques and existing difficulties are
reviewed. First, the five basic techniques principally available are introduced. These
methods are: (1) the measurement of spectral amplitude ratio, (2) peak-peak and first-
peak amplitude ratios, (3) rise time, (4) pulse broadening, and (5) the Futterman causal
attenuation operator of an attenuating- signal. The current progress and remaining
probiems 1n Q estimation are reviewed. The representative methods for VSP data ae. (1)
the spectral ratio method by Kan et al. (1981) attempts to solve the scattering problem:
(2) the inversion algorithm by Kang and McMechan (1994) tries to separate scattering
attenuation by using an assumed additive relation; (3) the inversion method by Amundsen
and Mittet (1994) addresses the coupling problem. The representative methods for
surface seismic data are: (1) the power spectral ratio method (Raikes and White, 1984)

and (2) the matching (inversion) technique (White, 1980. Lamb, 1998).

In Chapter 4, a full waveform GLI inversion method is proposed to solve the difficulties
in measuring attenuation from surface seismic data. First, the full waveform synthetic
theory is presented. Then, the GLI inversion technique is introduced. Finally, the
numerical modeling is carried out. Since the forward theory includes all the multiples and
attenuation in the synthetic. the new method allows direct extraction of the intrinsic Q
from the seismic trace while taking into account scattering effects. The employment of
the robust damped GLI algorithm will produce more stable and accurate inversion results.

The numerical modeling verifies the correctness and feasibility of this method.



In Chapter 3, an iterative scattering-removal method to measure intrinsic }attenuation from
Vertical Seismic Profile (VSP) data is introduced. The full waveform VSP synthetic
theory is briefly described. Then the detailed iterative procedure is given. This is
following by numerical modeling and real application. This method greatly improved the
existing spectral ratio method by allowing scattered events in the analysis window,
ing the first-armival-isclation
properties of seismic spectral ratios, is free from receiver sonde coupling problems unless
the variations in coupling are frequency dependent over the seismic bandwidth. By using
VSP synthetics that include up-going and down-going waves, multiples and attenuation,
the scattering effect is removed iteratively by matching real spectral ratios with synthetic
spectral ratios. Numerical modeling shows the accuracy and advantages of this method.

Application to real VSP data confirms that high attenuation is associated with potential

gas pay.

Chapter 6 contains discussion and conclusions. The complementary features, importance

and potential of VSP and surface seismic methods are discussed.



CHAPTER 2. WAVE PROPAGATION IN AN
ATTENUATING MEDIUM

In this chapter, the basic theory of seismic attenuation is introduced. The plane wave
equation in an attenuating medium is derived. Intrinsic and scattering attenuation are
detined and their relationship with other seismic and rock physics parameters such as the
velocity, dispersion, frequency, quality factor etc., is discussed. Finally a derivation of
boundary conditions in a 1-D elastic medium is given, which will be very important for

forward synthetic modeling.

2.1 WAVE EQUATION IN ATTENUATING MEDIUM

2.1.1 Stress

Stress is the force per unit area exerted on a particle in a medium (Aki and Richards,

1980). It is a tensor, with 9 components; six of which are independent.

A particle within a medium can be considered as a tetrahedral volume (Figure 2.1). Three
of the faces are normal to the rectangular coordinates axes and the fourth face has its

outward-directed normal n in an arbitrary direction. The nine components of stress (7))

are defined as the three stress components acting on each of the three faces normal to the

axes. T, is the j component of the stress that act on the face normal to the i axes. Due to

symmetry: T, =T, there are six independent components expressed in the matrix

10
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Figure 2.1 Tetrahedral volume in the rectangular coordinates system, T is stress,
-X j (j=1,2,3) is the normal to the face, the normal of the fourth face is n.

I, T,
T=|T, T,
. T,
In abbreviated subscript notation:
LI
T=|T, T,
T T,
T =1, T,

Tt:
T,
T::
T
T, or
L
L T. T,
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2.1.2 Strain

In regular Cartesian coordinates, the strain (S, ) is defined as (Aki and Richards, 1980):

2.4
where i,j=1,2.3, and U, or U, is the component of the particle displacement along axes i

orj.

Due to symmetry. the strain tensor can also be expressed in similar abbreviated subscript

notation as stress:

Sl 56 SS

S=|S, S, S, or (2.5)
S, S, S,

sT=[s, S, S, S, S S, (2.6)

Strain components in abbreviated subscripts are related in a simple way to particle

displacement components:



- U -
ax
. U ,
S c?v'
\p U .
S a:
Si = lov. Ty Q2.7)
S. sz av
S U . U
-6 a- ax
v, U,
. Iy * dx |
or
S=VU (2.8)
where
u=lu, v, U] (2.9)
and
(2 5 o
dx
o 2 o
dy
o o 2
v = az
Pl 0 i i (2.10)
dz dy
d d
—_— O —
dz dx
7 s
| dy  dx |




2.1.3 Newton’s law

Consider a vibrating material particle of arbitrary shape with volume dv and surface area

ds. The forces associated with its vibration are body force f8v and surface force
[T -ds= [vTav (2.11)

From Newton’s second law (force = mass times acceleration), then:

,
) . 97U
lsg T ds+ 5, Fdv =I5, p=——dv
2
, - 27U
= 5, (VT +F)dv = |5, 0 2 dv (2.12)
2
a.—
=>VT+F=p ,U
ot~

2.1.4 Hooke’s law

According to Hooke’s law, in an elastic medium, stress is linearly proportional to the
strain

T, =CuySy. ijkl=xyz. (2.13)

Y

where C is the stiffness tensor, T is stress and S is strain. The symmetry:

Cu = Cy = C . will reduce the number of independent constants to 36. And with the
symmetry: C ., = Cy,, the constants are further reduced to 21. This is the maximum

number of constants for any medium.

14



In abbreviated subscripts:

Abbreviated subscript

l

2

original subscript: ij

The general form of Hooke's law is therefore

XX

yy

I =CS,. i,j=123456 or T=CS

2.1.5 Extension of Hooke’s law in attenuating medium

2.14)

Materials observing Hooke's law, do not have internal energy loss. Ideal materials of this

kind do not exist in nature, let alone in the solid earth. where the attenuation of seismic

energy is an established fact.

A material is said to be linearly viscoelastic if stress components are linearly related to

strain components at a given time and the principle of linear superposition holds. Rocks

are generally linear viscoelastic for strains induced by far-field seismic waves. The ideal

Hooke’s law relation: T, = C, S, can be modified to include damping by adding terms

containing time derivatives of strain. That is:

15



Js,
T, = Ciij + 1, 7 (2.13)

where 7], are viscosity constants.

2.1.6 Wave equation in attenuating medium

From Newton's law

72U W
VI+F=pZ—=p (2.16)
? - at
From Hooke's law
)
T = —_—
CS +n R (2.17)
d
Let: t=C+n7g a—[ then Hooke's law is
T S JT . a8
= _= _ 9
and ; at 2.18)
Since
S=V.U - 0;—? = VW (2.19)
Then
ﬂ-— T VW
5 ] (2.20)

where W is the particle velocity. Equation (2.16) and (2.20) constitute the acoustic field

(t, v) equations, from where we can get the field wave equation.
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From the equation (2.16), we have

IT  JF W
VSt 5 =p ErE (2.21)

Substituting this equation (2.21) into (2.20), yields the velocity wave equation:

-

ﬂ
E PV(TYwW) = at*

(2.22)
2.2 PLANE WAVE SOLUTION IN ATTENUATING MEDIUM

In a 1-D medium, assuming body force F =0, the wave equation (2.22) become:

gr (¢ + ”gt) 5; =p &&W (2.23)

where ¢ is the Young's modules, n is the viscosity, p is the density. Assume W =
X(x)T(t). According to Fourier transformation principle, T{t) is the superposition of e
over frequency, where ® is angular frequency. Substituting ¢ into the equation (2.23)

for 7(t), gives:

2

&xl

(c+ion) ST X(x)=-pw’X (2.24)

The solution to this equation obtained using the root method is:
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X(x)=e™* (2.25)

where k = \[pa): /(c+iwn) is the wave number as in the elastic case, but here k is

complex and is called the complex wave number.

Thus, the single plane wave solution for the wave equation (2.22) can be written in the

form of

W(x.r) = W' (2.26)

The complex wave number can be written in the format
k=p-ia (2.27)
where £ is the real wave number defined as

w

B= > (2.28)

phase

and V

phase

is the phase velocity. Then the solution is

W(x.t) = Wye e« A (2.29)

Thus, in an attenuating (linear viscoelastic) medium, the wave will propagate along the x
direction with exponentially attenuated amplitude. The attenuation factor will be the form

of exp(-ax).
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2.3 ATTENUATION/DISPERSION AND Q

In an attenuating medium, the attenuation (amplitude decay) of a plane-wave seismic

pulse as a function of position. z . can be described by:
A(2) = A(0)e ™= (2.30)
where A(z) = signal amplitude at position z, A(0) = initial amplitude, and « = attenuation

coefficient.

The attenuation of a seismic wave results from the viscoelasticity of the material. The
mechanism for this viscoelasticity is not yet fully understood. General experience is that,
a propagating seismic wave will lose energy as a result of internal friction and the
amplitude will be attenuated. The total effect of the internal friction that can occur within
a material is described by the unitless parameter Q, called the Quality Factor, defined as
(Ak1 and Richards, 1980)

1 AE
—Q(w) = *‘2_7[[':- (2.31)

where E is the energy stored in one cycle,  is the angular frequency and - AE is the
energy lost in one cycle. For a medium with linear stress-strain relationship, the wave

energy is proportional to its amplitude squared. Then

ﬁ _ _% (2.32)

From this definition, the attenuating solution of a wave propagating in attenuating
medium with Q can be derived. Assuming V is the phase velocity and w is the angle

frequency
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.2
A== (2.33)

7

and

AA = % A (2.34)
Then

dA " .

a = —m A (2.335)
The attenuating solution to the above equation is

A(2) = 4, exp[— ZQJ:Q} (2.36)

comparing the equation (2.36) and (2.30), the Q and attenuation relationship in a linearly

viscoelastic medium is:

v B

T Wa 2«

Q (2.37)

Dispersion is the frequency dependence of seismic velocity. If the seismic phase velocity
in a medium is a function of frequency, i.e. V=V(w), we say the medium is dispersive. It
has been shown (Futterman, 1962) that in a medium where wave propagation is linear
and causal, the presence of attenuation requires the phase velocity to be a function of
frequency, i.e. attenuation is a necessary and sufficient condition for dispersion.The
relationship of frequency-dependent phase velocity to frequency-dependent attenuation is
known as the dispersion-attenuation relationship. If a function is causal, its real and
imaginary parts are related by the Hilbert relationship (Bracewell, 1965), and the
dispersion-attenuation relationship may be written in terms of the Kramers-Kronig

integrals (Kanamori and Anderson, 1977) as
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l 11 %L/ ' '
___[_,, IM] 2.38)

Vw) V.\27r 2 (0 -o)

where V.. is the high-frequency value of phase velocity. and P stands for the Cauchy

principal value of the integral.

For the constant Q model, the real part of the complex wavenumber in equation (2.27) is
expressed as the sum (Bickel and Natarajan, 1985)

a w w

where w/V, is a pure delay term with phase velocity V, associated with the reference

frequency w,.

Therefore, to measure the attenuation coefficient. amplitudes of Fourier frequency
components are typically measured at two locations. The ratio of these amplitude spectra

eliminates the initial amplitude dependence. Thus, at a given frequency:
A(z) /] A(z,) = e @@ (2.40)

hence,

a=(z-2)" ln[A(zl)/A(:z)] (2.41)

It is often assumed that the quality factor (Q) is constant across the seismic frequency
band. This assumption is generally supported for P-waves by spectral ratio measurements
which indicate that the attenuation coefficient is linearly proportional to frequency
(McDonal et al.; 1958). This requires that the product Q times velocity be constant (see

equation 2.37). If velocity is only slowly varying with frequency (Spencer, 1981;



Murphy, 1982) as is commonly assumed for the seismic frequency band. Q is

approximately constant. Then from equation 2.37, Q is obtained from

VO (2.42)

I . .
because Vo is the linear slope of o over angular frequency. This slope can be estimated

from equation (2.41). If we assume V and Q are approximately frequency independent

over the bandwidth of the data, Q can then be obtained from the slope if V is known.
2.4 SCATTERING ATTENUATION/DISPERSION AND Q

It has long been recognized that sediment layers with thickness much less than a seismic
wavelength affect a wave by slowing it slightly and decreasing its amplitude. This effect
is similar to inelastic attenuation. We refer to this effect as scattering induced
attenuation/dispersion. A beautifully written paper by O’Doherty and Anstey (1971)

provides the best introduction to this subject.

There are five factors that affect the amplitude of a seismic wave signal. They are (1)
spherical divergence, (2) absorption, (3) the reflection coefficient of the reflecting
interface. (4) the cumulative transmission loss at all interfaces above this, and (5) the
effect of multiple reflections. Among the five, the absorption causes the intrinsic
attenuation and the last three causes the scattering attenuation. Scattering attenuation and

qualify factor are defined in similar way as for intrinsic attenuation and Q.



Of the five factors affecting amplitude, spherical divergence is easy to correct in a
structurally simple earth. The familiar law of conservation of energy, when applied to a
spherical wavefront emanating from a point source in uniform lossless material, tells us
that the intensity diminishes as the inverse square of the radius of the wavefront.
Translated into the type of mcasurements- made in seismic work, this says that the

T Pieveda ~
PICS3UIC Amptitual o

The process of reflection and transmission at interfaces do not involve any loss ot energy,
merely a redistribution of it in the forward and backward directions. We know that
energy reflected from an intertace is not available to be transmitted through it. If the
reflection coefficient of an interface is R, the transmission coefficient will be 1-R for
particle velocity amplitude (see next section about boundary condition). Clearly, the
larger the reflection coefficient, the greater is the transmission loss. The transmission loss
is not the only reason for scattering attenuation (if it is, the signal will be decayed away to
nothing so quickly as to be useless). In fact, multiples. especially the fine layer multiples,
offset most of the transmission losses. The effect of multiple reflections is the least well
understood of the factors affecting amplitude. However, observation shows that multiple
paths having an even number of bounces can have the effect of delaying, shaping and
magnifying the pulse transmitted through a layered sequence and transmission loss with
multiples causes the similar amplitude decay to intrinsic attenuation. O'Doherty and
Anstey (1971) gave an approximate relationship between the amplitude spectrum

T(w) of the transmitted pulse and the power spectrum R(w) of the reflection coefficient

series:



T(w) = e " (2.43)

where t is travel time. This is the well-known O’Doherty-Anstey formula, which has been

rederived by Banik etc. (1985) and Shapiro etc. (1993) in different ways.

Generally we are interested in the attenuation caused by internal friction. which is called
intrinsic attenuation. But what we can measure from spectra ratios is the total attenuation.
Separating the two attenuations is necessary if measured attenuation is to be related

directly to rock properties.
2.5 BOUNDARY CONDITIONS OF PLANE WAVE PROPAGATION
2.5.1 General definition of boundary conditions

In acoustic problems, we assume the interfaces between different solid media are usually
firmly bonded together, so that there is no slippage or separation of one with respect to
the other. This means the particle displacement velocity must be continuous across the
discontinuity surtace. That is

W =W’ (2.44)
where W is the particle displacement velocity just above the surface and W’ the particle

displacement just below.



Boundary conditions of stress field can be derived by assuming a small dislike volume,

enclosing an area ds of the interface surface (Figure 2.2).

n T
" ]
ds
0
h
S e—
pl

T

Figure 2.2. Continuous stress model

Assuming body force F and particle velocity W, Newton's law gives:

(T - T')nds + Fhds = (p J’zp,) 93‘[' hds
(2.49)
As h—>0.
Fhds = 0
(p’;p’)agyhds—)o (2:46)

So
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Ten=T en
2.5.2 Plane wave solution in isotropic and homogenous media

In isotropic and homogeneous media. the constitutional relation is

Cll Cll CI?. 0 O 0
Cl?. Cll Cl: 0 O O
C, G G O 0 0
C=lo 0 o C, 0 0
0o 0 0 0 C, O

0 0 0 0 0 C,l

2.47)

(2.48)

And C,, =C,, -2C,,. Assuming a plane wave propagating along the x direction. since

the field can vary only with x, only the partial derivative —

dx
equation

\7T+F=p%

Lore(v,w)
So the equations can be reduced as foliows:

From

Then

is non zero in field

(2.49)
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0
0
aT
= &= C 0 (2.51)
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ax
W,
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This is the compressional wave equation. thus

; X
[ —
aX v )

W (x,t)=W,e g

with phase velocity

C
V), = |—
? 0
and
+ T, =FW,./C,,p
+T, = F,pC,,
+T,=FW_{poC,,
From :
T, aw,
x P&
I, . M,
aal

—~
9
than
£

N

(2.57)



Then

C, W, I'W,
== (2.58)

This is the y-polarization wave equation with velocity

(vp)y = \/—% and =T, =W, /oC,, (2.39)

From:
I, W,
x P
T _ . W
ar T T dx
Then
_ G IW,  FW
- = - 7
o X & (2.60)

This is the z-polarization wave equation with velocity

(vp): = %"‘ and +T, =FW,[pC,, (2.61)

2.5.3 Boundary conditions of plane wave propagation in a 1-D medium

Applying the above boundary conditions (2.44) and 2.47) to a plane interface with

normally incident plane compressional waves, boundary conditions are simplified.

For the incident wave (2.55-2.57)



(1), =~(oC,, )} aeme=

C.. , (2.62)
T, = i gt
( -)[ V;:
(7-3), — __V_xz_ At
2
The reflected waves are
(W‘)R Bellul*a)

And the transmitted waves are

(W‘ )7- = B reuwr-r'n

L

(Tl)r = _(prcl‘l); Bzeuwr-('t)

C 2 NI Y &4 (2.64)
(1.), = - G=prenm

C" , o ilan-x't
(Tl‘)r =" Vl'. B e( )

Since only one stress component, T, =T, is involved in the boundary condition

equation, from the equation (2.44) and (2.47)
(w.(), +(w.(), =(w.' ©)

(L), +(1.0), =(r' @)



That is

A+B=58
(2.66)

|l—-

—(pC”)%(A—B)— (,D Cn)

Solution of these equations for B and B’ gives the particle velocity reflection and

transmission coetficients

(w.0), (0Ci)* -
w.o), (p'c;l)ﬂ(pc“)%

w =

(2.66)
1
o), ey
w 1
W) (oc, ) + (o, )
The stress reflection and transmission coefficients and
(nO),
RT
(T@),
l (2.67)
(T (0))7- ,0 Cu )
fr = (7,(0)) Tl
! (,OC”)'
So. boundary conditions expressed in reflection and transmission coefficients are:
For the particle velocity case:
l+R, =T, (2.68)
For the stress case:
1+R, =T; (2.69)
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Hence, if we define the reflection coefficient as

R=

the boundary conditions are,

In the paiticle velocity case
T=1-R
In the stress case
T=1+R

Vp,ql - \/pcu

plcn "'\//-7C
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CHAPTER 3. REVIEW OF Q MEASUREMENT
TECHNIQUES

There are at least five different methods to directly measure Q from seismic data. These
methods are: (1) the measurement of spectral amplitude ratio, (2) peak-peak and first-
peak amplitude ratios. (3) rise time, (4) pulse broadening, and (5) the Futterman causal
attenuation operator of an attenuating signal. Badri and Mooney (1987) analyze and
compare these methods, and applied them to their experimental data in unconsolidated
sediment near Wenover. Utah. They conclude that different computational techniques can
result in different Q values for the same type of materials; rise-time and pulse-broadening
methods are probably source-dependent; a correct geometrical spreading factor appears to
be sufficient to account for the observed amplitude decay with distance, which makes the
Q value computed from Futterman the operator in their study questionable. Their
conclusions suggest that the Q values computed from the spectral-ratio method are

probably the most reliable.

To measure Q, there are two typical difficulties. One is to separate intrinsic Q and
scattering Q. The other is to extract the wavelet or isolate the arrival. Badri and Mooney
(1987) did not address these difficulties in their paper. However, these difficulties are the
key problems in application of the attenuation in hydrocarbon exploration and reservoir
characterization. Spencer (1985) summarized and analyzed the difficulties in Q
measurement from VSP data by examining related techniques to solve these problems. In

this chapter, we will first introduce the basic techniques in Q measurement, then present
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progress in Q measurement techniques, strategies and finally discuss remaining

difficulties in attacking these problems.
3.1 BASIC TECHNIQUES IN Q MEASUREMENT

From section 2.3, in an aiiendating medium, the attenuation (amplitude decay) of a

seismic pulse as a function of position, z. is described by:
A(2) = A(0)e™= (3.1

where A(z) = signal amplitude at position z, A(0) = initial amplitude, and « = attenuation
coefficient. In the above equation, we assume that the attenuation coefficient a(w) is
linearly dependent upon frequency within a limited bandwidth. This linear dependence of
. leads to a further assumption in which Q is approximately frequency-independent over
the frequency range under consideration. If these assumptions are approximately valid,
then the spectral components for angular frequency w at depths z1 and z2 are related by
the expression

Alg) ] A(zy) = 78 (3.2)

The expression (3.2) can be used either in the time domain or in the frequency domain.

This gives us five possible methods to use in attempting to measure attenuation.
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3.1.1 Peak amplitude ratio method

If we choose to apply equation (3.2) in the time domain, we can use either (a) the ratio of
peak-to-peak amplitude of the first motion, or (b) the ratio of peak amplitude of the first
motion of the waveform recorded at the more distant location to the amplitude at the

an Vamnes Nlmen shns : )
fCICICHCS (OCalicn. NOIC thatl wic umce-ads

can bc used only if we make
some additional assumptions. The most important assumption is that the portion of the
signal under consideration at the second location was originally the same portion of the

signal at the first location. Also, it is assumed that factors such as geometrical divergence

have been properly accounted for.

3.1.2 Spectral ratio method

In the frequency domain, the various methods of analysis all rely on equation (3.2)
which can be manipulated in several ways. Converting to logarithms of the amplitude

ratios, expression (3.2) can be written as
a=(z, -z)" In[A(z))/ A(z,)] (3.3)
With this equation, we can obtain ¢ and hence

w

Q

The Q value can be computed from the inverse slope of the line fitted through the data
points within the specific bandwidth. Substituting expression (3.4) into equation (3.3),

gives
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(2 =20 In[AGz) 7 Az = w7 2vQ (3.5)

Equation (3.5) is an equation of a straight line with slope (1/2VQ). If the velocity of the

medium is known and Q is assumed to be independent of frequency, Q can be determined

from the following

Q=75 (3.6)

where s is the slope of the line fit.

The spectral-ratio method requires at least a moderate bandwidth for the source
waveform, since it requires measurement of spectral slope versus frequency and also

requires a reasonably high signal-to-noise ratio in the frequency band for analysis.

3.1.3 Rise-time method

Q can also be computed from a rise-time method. Gladwin and Stacey (1974) defined the
rise time as the ratio of the maximum peak amplitude to the maximum slope of the initial
portion of the signal after the first arrival. This definition can be fitted with an equation of

the form

T=(C/Q)+T, (3.7)

where T is the rise time at the point of measurement and T, is the rise time of the pulse at

the source. C is a fixed constant close to 0.5, and t is the traveltime between the source
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and the point of measurement. Kjartansson (1979) has derived a value of 0.485 for C for

signal detection.

Equation (3.7) simply represents a linear relationship between the rise time T and the

travel time t, with (C/Q) as the slope and 7 as the intercept. The Q value measured in

this method is very sensitive to the siope of the fitted iine through the data points.
3.1.4 Pulse-broadening method

The fourth method in computing Q in an attenuating medium is the pulse-broadening
method. It is based on the assumption that pulse broadening is due to inelastic attenuation
in the medium and that Q is approximately independent of frequency. As proposed by
Gladwin and Stacy (1974) and Kjartansson (1979), the broadening is proportional to the

traveltime and is related to Q by the equation

A=(CIQ)t+ 4 (3.8)

where A is the pulse width at the measurement point, Aqis the pulse width at the source,
and ¢ is the traveltime between the source and the point of measurement. C is a fixed

constant with value C=0.5.

The pulse width can be measured in several ways. The first approach is based on

measuring the pulse width of the first quarter of a cycle after the first break, which can be
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defined as the time lapse between the first break and first peak amplitude. The second
approach is based on measuring the pulse width of the first half-cycle after the first break.
The pulse width for a half-cycle can be defined as the time lapse between the first arrival
of the first break and the first zero crossing. The first approach, pulse width of the first
quarter-cycle, is preferable because so;ne. of the interference can be avoided. This

temalirAas aaviapal
includes several

3.1.5 Futterman causal attenuation operator

A fifth method to estimate Q in an attenuation medium is the Futterman causal
attenuation operator. This method 1s based on simulating a synthetic seismogram through
an attenuating medium by propagating an observed signal through a perfectly elastic
medium and modifying it with a filter. The filter is based on an operator proposed by
Futterman (1962). It has the important characteristic of satisfying the physical condition

of causality.

The ultimate goal of this method is to arrive at a Q value for which the shape and content
of the synthesized waveform will match those of the observed waveform at some desired
distance. This Q value is then considered to be a reasonable estimate of Q for the in-situ
materials. The input parameters required for this filter are velocity, quality factor Q,
distance to a reference receiver. waveform at the reference receiver, and distance to the

receiver at the point of observation. If the computed waveform does not match the
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observed waveform at distance R, the input parameter Q is then modified. A typical
corrective procedure would be to perturb the parameter Q of the filter to improve the
match, keeping other parameters fixed. Such a procedure can be made systematic and
thus suitable for implementation on the computer. The Q value used in this process can
be limited to a geologically plausible raﬁge; This iterative procedure makes no effort to
obtain a perfect match between the cbserved and computed signals, especially if the
observed signals show a high degree of complexity in appearance. Nevertheless. by
comparing the computed signals for a range of plausible Q values, one can arrive at an
optimum match in shape, amplitude. and frequency content between the observed and

synthetic signals.

The synthetic seismograms can be computed from the inverse Fourier transform of the
expression

F.,.(Rw)=F, (RLw)H(R w) (3.9)

vn

where H(R, w) is the transfer function of the Futterman operator and F, (Rl,w) is the

Fourier transform of the observed signal at the reference station at distance R1 from the
source. If a good match is observed, the Q value used to arrive at such a match will be
considered a reasonable estimate of the attenuation property of the sediments at the site
under consideration. The transfer function of the Futterman operator is given by the

expression



[ RL iR
(R P30,

x exp{(z’—é—?—){ln(%) - 2:!} for w,<lwl<w

0

H(R,w) =+ (3.10)
L0 for O<lol<w, .

)

00 for lol>w

where v, is the wave velocity at frequency @, which is the reference frequency taken at

the lowest frequency value that can be resolved in the signal. @ is the highest frequency
for sampled data. The RI/R2 term is a geometrical spreading factor to compensate for

spherical-wave expansion.

3.2 PROGRESS IN Q ESTIMATION

The basic techniques in Q estimation described in the previous section are theoretically
feasible. However. practical difficulties include scattering-removal (including multiples
on local reflectivity), wavelet or first arrival isolation. and geophone coupling variations.
Although these problems have not been completely solved since then, some important
progress has been made. In this section, we describe present attempts to solve these

problems for VSP and seismic data.

40



3.2.1 Progress in estimating Q from VSP

Three typical methods are introduced here. The spectral ratio method by Kan et al. (1981)
attemnpts to solve the scattering problem. The inversion algorithm by Kang and
McMechan (1994) tries to separate scatteriﬁg attenuation by using an assumed additive
relation. [he inversicn method by Amundsen and Mittet (1994) addresses the coupling
and first arrival problem by directly inverting frequency-dependent complex wavenumoer

or propagation velocity.
Method by Kan et al. (1981)
By assuming that the earth is laterally homogeneous and that the offset of the VSP source

is negligible. the frequency domain response of the direct P-wave arrival (A(f, 2)) can be

written as (Kan, 1981)

A(f,2)=S(f.DE(f.D)/ ¢ (3.11)

where f is frequency, z is the geophone depth, and S(f, 2) is the far field source spectrum

which may vary from shot to shot. The earth response, £(f, 2) is written

E(f,2) = G(f,2)exp[-a(f, 23] (3.12)

Here, the effects of intrabed multiples and transmission losses are lumped together in

G(f.z). Using the Q-attenuation relation a(f) = af / QV (equation 2.37), then
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A(f.~~:5(fw)G(fw)exp( oV (3.13)

The quality factor Q is the intrinsic O whichl is assumed to be independent of frequency.
Before estimaung the aiicnuation, correction of the VSP data for spherical divergence
(the '/ factor in equation (3.11)) is applied and fixed depth monitor measurements of the
source signatures are used to equalize the source variation to a common amplitude for all
depths (s(f)). Converting the absolute values of these corrected data to a decibel scale,

equation (3.13) becomes:
alf.2)=0(f)+g(f.0)-cf2/1QV (3.14)
where o(f) = 20log,,[S(f)], g=20log,/Gl and c=20rlog,e .

By assuming that multiple and transmission effects over a sufficiently large depth interval
represent small modulations of the dominantly linear decrease of a(f, z) with increasing g,
the observations a(f, ;) may be fitted with equation (3.14) by neglecting these

modulations thereby yielding the estimate of Q! which characterizes the attenuation.

The assumption that the multiple and transmission effect result only in a small

modulation is a poor approximation ever over large intervals.



Method by Kang and McMechan (1994)

For estimation and separation of intrinsic and scattering Q contributions, the composite
apparent Qp (or Os ) is first measured as a function of frequency (w) from the primary P

(or S) waves. This is done directly from the definition (Aki and Richards. 1980)
1/ Qlw) = -AL{w) / ZnE{w) (3.13)

where E(w) is the energy in a propagating wave at any reference point in space and time.
Multiple observations can be averaged at each w to increase the measurement stability

and reliability.

Separation of scattering and intrinsic contributions is based on the additive relation
(Daninty, 1981; Rovelli, 1982; Richards and Menke, 1983: Hough et al.. 1988: Hoshiba

et al.. 1991; Mayeda et al., 1992; Frazer, 1994)

(3.16)

where Q, is the total composite Q , Q. is the scattering Q contribution, and Q,, is the

intrinsic Q contribution.

Kang et al. assumes that Qi is frequency independent and that Qs is frequency

dependent. Using the above equation, Kang et al. solve for the optimal model parameters
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from observations at different frequencies. Qi as one of model parameters is estimated

concurrently.

Estimation of scattering Q as a function of frequency, and subsequent estimation of the
average scatterer size A and the velocity deviation ¢ associated with the scatterers, are
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relationship is

(KA)°
[1+ KA}/(D)]“D

Q™' (K.D) = Boy(D)"° (3.17)

where K is wavenumber (=w/V). D is the spatial dimension (=1, 2, 3). ¢ is the standard
deviation of the medium fluctuations as a percentage of the unperturbed model values, A
1s the dominant scatterer size (which is analogous to the correlation distance in the
fractal model), and B and y are coefficients that depend on scatterer shape and D,
respectively. Other less general representations of scattering Q have been used by

Rovelli (1982), Richards and Menke (1983), and Hough et al. (1988).

The questionable validity of the assumptions involved in employing this method (the
additive relation and the frequency dependency assumption) cast doubt on the validity of

the estimations.



Method by Amundsen and Mittet (1994)

This method uses an inversion strategy to estimate the inelastic attenuation. The scheme
is restricted to zero-offset vertical seismic profiling (VSP) data acquired in a medium
with plane horizontal layers. The real VSP data are filtered to satisfy this assumption. The
filter is designed to remove all energy éxc.ept for the direct downgoing wave and the

;  en T ambad ceineen £
priimiary TucliCd wave (1om

The wavefield is determined uniquely by a frequency-dependent complex propagation
velocity in each layer. Both frequency-dependent phase velocities and quality factors can
be determined from the complex propagation velocities. If we know the complex
velocities or the complex wavenumbers, then the complex wavenumber in layer n has the
relationship

_ @ _ a
T (@) cM(w)

+ic, (W) (3.18)

n

where c,is the complex propagation velocity, ¢ is the phase velocity. and ¢, is the

n

absorption coefficient. Since the image and real part are respectably equal in complex
equation (3.18). the phase velocity and attenuation coefficient (or quality factor) can be
calculated. For example. if

K, =R, +il,, then

a,(w) =1, (3.19)

ph ____‘”__ 9]
cr@ = (3.20)



The complex propagation velocity is obtained by an inversion algorithm. The inverse
problem in this method is formulated as an optimization problem where the least-squares

objective function F(m)

Y 3
F(m) = <AV

S .
L= AVAYe (3.21)
- = 1=l

is minimized in each iteration with respect to the model parameter vector m of length M.
T
m=[m.my........m, | . (3.22)

The asterisk (*) denotes complex conjugate and k the iteration index. The parameter
vector m is partitioned to include the frequency-dependent propagation velocities ¢ and
. . . : T

frequency-independent coupling factors a. that is, m =[cr,ar] , where (") denotes

transpose. The number of elements in ¢ is equal to [number of layers] times [number of
the frequencies], and the number of elements in a is equal to [number of receivers].

Elements ¢, represents complex propagation velocity element ¢,(w) in layer /¢ for a

given frequency w. Similarly. the data are represented as elements of a vector V of length

N,

v=[V.V.... V] (3.23)

where N is equal to [number of receivers] times [number of frequencies]. Element V,
represents particle velocity data element V(z,,w) at receiver position z, for a given

frequency w. Since we assume that the geophone-to-formation coupling is unknown, this
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coupling may be included in the forward modeling. Then the difference between the

. T . . . .
observed data V°” and the predicted data A'*"" V'*' in iteration k is given by

(_\V"m - A‘“T.V“’ _ Vobx (324)

k)

where A'"' is a diagonal matrix with elements composed of the elements in vectors a'*’.

Using a Gauss-Newton method to solve the minimization equation, the parameter update

(k)

vector in iteration k is obtained as Am'*’ . The model parameters are given as

m“" =m*‘+Am'". (3.25)

This method takes advantage of the parameterization technique in inversion theory. It
estimates the frequency-dependent complex propagation velocity and the coupling factors
by partitioning them into the to-be-inverted vectors. The frequency-dependent quality
factor and the frequency-dependent phase velocity are calculated from the complex
wavenumber. Since the coupling factors are included in the to-be-inverted variables,

coupling effects are removed.

The disadvantage of this method is that it requires all the multiples and up-going waves

in real data to be filtered to satisfy the assumption.
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3.2.2 Progress in estimating Q from surface seismic data

Two methods are typically used in estimating Q from surface seismic data, the power
spectral ratio method (Raikes and White, 1984) and the matching (inversion) technique

(White, 1980: Lamb, 1998).

Estimation from power spectral ratios
This method estimates Q from the power spectral ratios of the reflection signals in two

time intervals of surface seismic data. Assuming P, (f)and P, (f)are the power spectra

in two separate time gates on the seismic section at ¢, and ¢., this method gives:

In(P,(f)/ B(F)) = 2n|A,(F)/ A, (f) (3.26)

=—27Zf(t:"[[)/Q

This equation follows from the relation:

P =laf B (3.27)

between the power spectrum P (f) of a seismic reflection signal s, =a,*r, and the

power transfer function ‘A( f )l' of the seismic wavelet a, and the power spectrum

P_(f) of the reflectivity sequence r, from which the signal derives. It is assumed that the
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spectral coloring of the reflectivity either does not change between the two intervals or is

compensated and that no other frequency-dependent effects are operating.

The power spectra can be estimated in various ways. One way would be to use multiple
coherence analysis (White, 1973). This sepa.fates the signal and noise spectra on the basis
of the short-ran
the random noise in the data could be attenuated by applying a spatial filter such as a
Karhunen-Loeve filter or a signal-preserving f-x filter (Harris and White, 1991) to the
aligned reflection signal. The alignment of signals is very important because timing jitter
would cause a loss of coherent spectral power at high frequencies. The other way to
estimate power spectra is to use autocorrelations and timing jitter will not cause a loss of

power spectra if autocorrelations are used.

Raikes and White (1984) think that the assumption that the spectrum of the reflection
sequence is stationary over the analysis windows is a poor assumption and modified this

method by using an estimate of the reflectivity from well log data. If the R, (f) and
R,(f) are the calculated reflectivity spectrum from the portions of the reflectivity trace

corresponding to gates 1 and 2. the spectral and spectral ratios can be corrected by

P(f)  P(f)IR(S)
P(f)  PR(FYR(f)

(3.28)
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Although we do not extract the wavelet in this method. calculating the reflectivities over
the corresponding window and selecting the proper window size are difficulties. Small
windows will exhibit strong Gibbs phenomena and will be most colored by local
reflectivity. Nulls in the reflectivity spectrum will be magnified for equation (3.28). This

method also assumes the multiples are previously removed by processing.

Estimation by matching seismic data and synthetic seismograms
This method estimates attenuation by extracting the seismic wavelets in the two intervals
by matching the seismic data to well-log synthetic seismograms. The matching technique

is described by White (1980) and Lamb (1998).

Given the reflection coefficient time series and the processed seismic trace at the well

position, D, we can attempt to find the wavelet by the objective function:

owi=Y(s-p) o (3.29)

1=l

where W represent the wavelet with a length of 2 N,, +1, the {w}are user assigned

weight functions, and S is the synthetic seismogram, given by

y,
S = ZRI»-,»WJ' for 1 <= [ <=N, (3.30)

j=_"vw



R is the refection coefficient series (expressed in time), N, is the number of elements in

the time series.

Setting =0 to get a least squares solution to the problem, yields the least square

t

estimation of the wavelet. Transforming to the frequency domain, the spectral ratio is

used to estimate the Q.

This method tries to extract the wavelet over a small window and will suffer from

windowing problems. It also can not consider the scattering attenuation properly and it

has the similar time matching problem as the power spectral method.
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CHAPTER 4. FULL WAVEFORM GLI INVERSION
METHOD FOR SURFACE SEISMIC DATA

4.1. INTRODUCTION

To properly measure attenuation from surface seismic data, scattering removal and time-
varying wavelet extraction are necessary. From Chapter 3, it is evident that, due to the
difficulty of scattering separation in surface seismic data, existing methods avoid doing
so. by assuming multiple effects are removed by processing. Nevertheless, these methods
still suffer from wavelet extraction problems. In this chapter, an inversion method

designed to solve these difficulties is described.

Instead of trying to extract the wavelet directly from the seismic trace and subsequently
separating scattering effects, a full waveform forward modeling and damped generalized
linear inversion (GLI) is used to invert Q from the surface seismic trace. Since the
forward theory includes all the muitiples and attenuation in the synthetic, it allows direct
extraction of the intrinsic Q from the seismic trace while taking into account scattering
effects. The employment of the robust damped GLI algorithm will produce more stable
and accurate inversion results. GLI has some powerful features that are very helpful to
the estimation problem. It allows parameterization of known quantities and unknown
variables in the inversion scheme. This feature allows the application of constraints to the
inversion results. It can also reduce effects of some unknowns such as scale factors and

filters by assuming they are to-be-inverted variables. The impedance profile and source



wavelet are assumed to be known. In addition. the seismic trace should be specially

processed to preserve the multiples and amplitude information.

In the following section, the details of the forward modeling theory, the GLI scheme,
damping technique and parameterization are described. A feasibility study is conducted.
The numerical medeling shews that attenuation can be recovered almest perfectly frem

the inversion method. Even AGC filtering will not affect the results.

4.2. FORWARD MODELING THEORY

Based on the general principles of delay. continuity. and energy conservation, elastic 1-D
seismogram svnthesis including multiples (Claerbout, 1976) can be combined with
viscoelastic theory to produce synthetic seismograms including all the multiples and

attenuation.

4.2.1 Assumptions

The following assumptions are made:
a. 1-D layered inelastic media.

b. Normally incident elastic waves of both pressure and shear type.

c. Constant Q.
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4.2.2 Continuity principle and energy conservation

Consider a horizontal interface between two media, M1 and M2. If a plane wave of unit
amplitude is incident on the boundary, there will be a transmitted wave of amplitude ¢ (or

¢’y and reflected amplitude c (or ¢) as depicted in Figure 4.1.

Ml

Figure 4.1. Waves incident on an interface, reflected ¢t (or t9, transmitted ¢ ( or ¢

Ordinarily there are two kinds of variables used to describe seismic waves, and both of
these can be continuous at a material discontinuity. One is a scalar like pressure, or
stress. The other is velocity which is a vector. In acoustic problems, we assume the
interfaces between different solid media are usually firmly bonded together, so that there
is no slippage of one with respect to the other. According to the continuity principle, the
particle displacement velocity and the vertical component of the stress must be
continuous across the discontinuity surface (for detailed derivation see, the boundary
condition description in Chapter 2). The boundary condition across the interface in the

case of Figure 4.1 can be given as



t=1+c and t =l+c¢ for the scalar variable (pressure)

or l=t+c¢c and 1=t +¢ for the vector variable (velocity)

“.1)

(4.2)

Energy of the wave is proportional to the squared wave amplitude. The proportionality

factor depends upon the medium in which it is measured. According to Claerbout (1976),

when particle velocity is measured, the scale factor is called the impedance . When

pressure is measured. the scale factor is called the admittance Y. In the pressure case, if

we denote the factor of the top medium by Y; and bottom by Y-, then the statement of

energy conservation that the energy before incidence equals the energy after incidence is

Y.I' =Y.co + ¥;r°

Solving for ¢ from equation (4.1) and (4.3) gives

which gives two important equations for later use

4.3)

(4.4)

(4.5)



In Chapter 2, we also prove that in the particle velocity case, we will get the same results

as (4.3), but

c = (I1-12)/(T1+12). (4.6)

4.2.3 Up and down going wave

We know that all waves obey the wave equation and the basic solution to the 1-D scalar

equation (see wave equation in Chapter 2) is
U(f) = Za"euﬂl'txl +bkemu'&'.n (4.7)

where w is angular frequency and k is the wave number. Mathematically we call the first
part the downgoing wave if the x direction is downwards, the second is the upgoing
wave, because the waves represented by the two parts will propagate in opposite

directions.

Physically, in acoustics. one deals with pressure P and the vertical component of particle
velocity W (not to be confused with wave velocity v). Another possible definition
(Claerbout, 1976) for U (upgoing) and D (downgoing) is

D=(P+W/Y)/2 (4.8)
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U=(P-W/Y)/2 4.9)

with the inverse relations
P=D+U (4.10)

W=D-U)Y (@.11)

From this definition, we can see the relation /=1+c associated with continuity of pressure
and the relation r=1-¢ associated with vertical component of particle velocity. The
relation r=1+c says the pressure P is the same on either of the interface. The relation t=1-c

says that D-U is the same on either side of the interface.

Ml
SN\ S
cl
M2 / \ ct
6] D

Figure 4.2. Waves incident and reflected from an interface in terms of up

’

t

and down going waves.

No matter what definition of up and down going wave is used, the boundary conditions
establish the relation between the waves across a boundary. Referring to Figure 4.2, we

have

U=tU+¢c’D (4.12)

D=cU+:'D’ (4.13)



which may be arranged in matrix form

SRR e

(4.13)

Finally substituting equation (4.5) into equation (4.15), yields an equation to extrapolate

the waves from the medium M1 to the medium M2.

BJ - %{i j[g} (4.16)

Let us now consider the layered medium shown in Figure 4.3. For this arrangement of

layers, equation (+.16) may be written

I”U} _i[l ckJ[U'-] i
LD A - D'Jk )



TU, D,

TU, D,
G
TUV LD:
U, LD,
C, -
T, D,

Figure 4.3. Layered medium model (different from Goupilaud-type layered
medium, this mode! does not require that layers have equatl travel time.)

4.2.4 Wave theory in an attenuating medium

With equation (4.17), if we also know how to extrapolate the primed wave to non-primed
wave, we will be able to extrapolate the waves from the bottom to the top or verse versa
layer by layer. Actually. this can be done by applying the wave theory in an attenuating

medium described in Chapter 3.

As discussed in Chapter 3, in an attenuating medium, the one-dimensional solution to the
scalar wave equation yields the following expression for a plane wave propagating along
the x-axis

U(x,1)=e'“ ™ (4.18)

where the complex wavenumber is defined as



k =ﬂ—ia=ﬁ(1—7ié) (4.19)

For different attenuation models, the complex wavenumber k has different expressions.
For the constant Q model, the real part of the wavenumber in equation (4.19) is expressed

as the sum (Bickel and Natarjan, 1985)

(7)) () w
= —_ hadl 49
B v, v, In( %) (4.20)

where w/V, is a pure delay term with phase velocity Vg associated with the reference

frequency w,.

Based on this theory, let us consider the layered medium shown in Figure 4.3 again.
Suppose the thickness of kth layer is xy. This gives the kth layer a relation between

primed and unprimed waves (as shown in Figure 4.3) at any frequency.

U, = Uke"ﬂ“e“"

4.21)
D] = D e e™™ (

which may be arranged in the matrix form if we assume z = ete ™.

U [tz 0 Ul .22)
D'k_ 0 =z DJk o
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Combining equation (4.22) with equation (4.17), we get an equation to extrapolate the

waves from one layer to another layer.

U ! ck'Il/:k O]U
D| , tc. 1] O =D

_i-l/:kt.‘ c./t. U
“lelate ol | D),

'____‘_‘

(4.23)

4.2.5. Z transform to Fourier transform

Equation (4.23) is derived in the time domain. To realize this extrapolation in the time
domain, we need a specific assumption like an equal-time-interval layer model. Even so.
it is still difficult to find a method to realize (4.23) for an attenuating medium. This

section will show that equation (4.23) is also correct in terms of frequency domain.

The Z transform is defined as

B(Z)= ) bZ' (4.24)

The substitution Z = e¢'” gives the Fourier transform in discretized form
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B(w) =Y be™ (4.25)

In the terms of the discretized function. the Z transform and the Fourier transform have
the same properties. As in the Z transform, where the inverse Z transform merely
identifies coefficients of various powers of Z with different points of time, the inverse
Fourier transformation is just like identifying coefficients of powers of Z. So., when we

write the expression
B(Z)=by,+bZ+b,Z" +--- (4.26)

we have both a time function and its Fourier transform. If we plot the coefficients (bo, by,
ba, ....). we plot the time function. If we evaluate and plot (4.26) at numerous real w, then
we have plotted the transform. Thus, equation (4.23). the propagaticn equation, is correct
in terms of both time and frequency domain. Here we understand that U and D are

evaluated at given frequency w in equation (4.23).
4.2.6 Getting the waves from the reflection coefficients
A layered material may be specified by giving the reflection coefficient at each interface.

Considering the basic reflection seismic geometry shown in Figure 4.4, alternate

descriptions are to give any one of the scattered waves R(z) and E(z).



S
\
\

A\
\

Figure 4.4, Basic reflection seismology geometry. Impulse of unit amplitude going downward is
initiated. The earth sends back -R(z) to the surface. Since the surface is perfectly reflective, the
surface sends R(z) back into the earth. Escaping from the bottom of the layers is a wave E(z).

Suppose there are k interfaces in the geometry. From the equation (4.23), we have

01 [Uzte cozdu] [V, ez /e —R‘I
EJ— clty It | el :,/tlJH-RJ
=H Vzt, e/t | -R @.27)
el /e L/t JI1+R
_[Fu Fu:—t -R
TlF, F::J 1+ R
From the first simultaneous equation we may solve for R

R= - (4.28)

The second equation of (4.27) gives the escaping wave as
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FHF:: - FlZFIl
E= _F——;_F_— 4.29)
1 12

R and E are evaluated at a given frequency, so it is understood that R(Z)=R(w) and

E(z)=E(w). Using the inverse Fourier transformation gives the time functions for R and

E.

R(t) = ;l; [R(@)e™da
o (4.30)

[
E( =5= [E(w)e"“‘dw

Note that since R(w) and E(w) are discrete and bandlimited when we realize the method,
there will be sampling and windowing effects for both R(t) and E(t). These are classical
signal analysis problems which can be mitigated somewhat by evaluating R(w) and E(w)
at a sufficiently fine sampling rate and sufficiently broad bandwidth. Please also note
that here R(t) is the response of the layered strata to an impulse. For a general source s(t),

R(t) must be convolved with s(t).
4.2.7. Synthetic examples

Model studies were used to test the forward modeling algorithm. Figure 4.5-Figure 4.8

show both the models and their synthetic resulits.



Figure 4.5 shows a one-layer model. In this model, the source is an impulse and Q of the
first layer is 50. We can see repeated multiples exhibiting the proper impulse response for

wave propagation in a constant Q medium.

Figure 4.6 is also a one-layer model case, but with a theoretical mixed-phase wavelet as
the sovurce, and compared the two different cuses when Q=1000 and Q=50. This
comparison clearly shows the attenuation and dispersive properties of a wavelet traveling

in constant Q medium. After passing the attenuating medium, the amplitude of the

wavelet is seriously attenuated and the pulse is broadened and phase shifted.

Figure 4.7 is a three-layer model. The source is an impulse and Q for second layer is 30.
This figure shows the repeated muitiples and reasonable attenuation as well as dispersion.

We also can see that some reflections wrap around when the window is too small.

Figure 4.8 is also a three-layer case with a theoretical mixed-phase wavelet as the source,
the second layer designed as the potential reservoir and compute seismograms when Q is
set to 1000 and to 10. This figure shows significant shift and attenuation of the wave

after passing through the reservoir.
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Figure 4.5. Synthelic trace for the one layer model , Impulse source, Q=50.
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4.3 DAMPED GENERALIZED LINEAR INVERSION
4.3.1 Inversion problem definition

Our goal is to estimate Q from the seismic trace near a borehole. With our forward
model, ail we need is an tnversion aigorithm. The inverse probiem is described as: given
the observed seismic trace at the borehole, velocity profile (or impedance profile) and
source wavelet, to invert the Q protile. Mathematically, this is equivalent to: minimize an
objective function that can be defined by (Meju, 1994)

-
n -

o= [r-v] =ly-YT =1.23.. (431)
1

where Y =(1.Y..Y;..... Y,) is the observed seismic trace, and Y’ = (Y 1..Y/,....Y,))is

the predicted trace by theoretical model. Theoretically, Y’ is function of the independent
parameter vector m = (m,.m,....m.), i.e. Y = f(m). The independent parameter
vector consists of all the unknown independent variables needed for forward modeling. In
our model, the impedance profile and the source wavelet are known. The unknowns, m,
constitute the Q profile. We may also want to put other parameters into m. such as scale
factors, filters etc, if they are not known. The problem is that the more unknowns in
inversion, the more uncertainty in the results. So, generally we intend to limit the

unknowns to as few as we can.
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The independent parameter vector, m, is inverted by iteratively minimizing the objective
function. For the linear predictive function f, Y'=Gm where G is the coefficient

matrix. Then the objective function becomes
® =(Y-Gm)' (Y -Gm) (4.32)

where T means transpose of the matrix. The well known least-squares solution for the

parameters estimates (denoted by m” ) is given by

m’ =(G'G]'G"Y (4.33)

Q inversion is nonlinear, so, the predictive function can not be expressed in the form of
Y’ =Gm. To solve the nonlinear problem, we have to tumn to a generalized method

which lineanizes the nonlinear problem by expanding function f in a Taylor series and

writing the Taylor series through the linear terms

Y =f,+PS (4.34)

where f, is the initial prediction, & is the first order correction vector to the initial

parameter vector m, P is the sensitivity matrix and

e | L
P ==

]

i=12,...,n, j=12,...k (4.35)
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Now J appears linearly in the prediction of Y’and therefore can be found by the

standard least-squares method of setting &P/ dd, =0, for all j.  Thus § is found by

solving

(P"P)d=P'd and J=(PTP)'P'd (4.36)

where d = (Y - f,).

Solving for correction vector d from equation (+.36) gives the optimum correction. Once
the correction vector is known, it is a simple matter to solve for the corrected parameter
vector m.

m=m,+9 (4.37)

where m, represent the initial guess of the parameter vector m.

Equation (4.37) is an approximation since the Taylor series predictive function is
truncated to the first order to linearize the function. This makes the solution for the
correction vector from equation (4.36) an approximation, and the solution for m in
equation (4.37) must also be an approximation. This approximate error can be reduced by
using the corrected initial guess from equation (4.37) as a next initial guess in equation
(4.36) and iterating through the problem again. This iterative procedure is outlined in
Figure 4.9. The iterative loop of Figure 4.9 will gave an error that is decreasing in a
roughly exponential manner with each iteration if the initial guess lies within the region
of convergence. The error computed with each iteration is defined by the new objective

function . The loop is continued until the error drops below some predetermined level



or until a new correction vector fails to give an improvement over the previous iteration’s
error. This is called Generalized Linear Inversion (GLI) (Marquardt, 1963; Cooke et. al.

1983: Meju, 1994).

Observed seismic Impedance profile trom well
trace Y log and user supplied Q profile

Full wavetorm
synthetic trace: Y~

© = Y-Y

small enough

no

Set ddOdm =0
Solve correction vector

M Y

done

Figure 4.9. The chart flow for inversion iteration procedure



4.3.2 Parameterization

With the impedance and the wavelet known. the basic parameter left unknown is Q. The
Q profile must be discretized into the independent parameter vector m. We will represent

Q profile by a sertous of Q value and interval thickness as shown in Figure 4.10.

Qi Hi

Figure 4.10. Example of a discrete Q profile

The Q profile is listed as Q value and interval pairs repeated from top to the bottom, i.e.,

m should be in the form of
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m=(Q,,D,.0;,D;.....0,. D,) (4.38)

Since the seismic trace is affected by Q slightly, we will not use either the sonic interval
or the seismic sample interval as the Q interval but rather will consider geological and
geophysical data first to make the Q intervais as large as reasonable. The Q intervals are
nul required to pe equai. Both the interval thickness and the intervai Q will be inverted by

the method.
4.3.3 Parameters other than Q profile

Since the forward modeling assumes that the reflectivity and the source wavelet are
known. the only other parameters left are the scale factors. There are two types of scale
factors, one is a constant factor generally caused by instrument gain and processing;
another is time varient scale factors caused by processing such as AGC. Since the
reflectivity and source wavelet are known, the constant scale factor can be incorporated
into wavelet. The time variable factors will be circumvented by parameterizing them in
the inversion. For example, we can assume the window length of the AGC as unknown
and add that to parameter vector to be inverted. Then the independent parameter vector

m becomes

m=(Q,,D1,02,D,.....Q,, D, L cc) (4.39)
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4.3.4 Sensitivity matrix

To compute the sensitivity matrix in the inversion method, it is necessary to take partial
derivatives of the synthetic seismic trace with respect to each boundary location. and
each interval Q value. Also needed are the pﬁnial derivatives of the synthetic with respect
o the scuie factor. Compuiation and storage of these derivatives is the most time and
computer memory consuming operation encountered in generalized linear inversion.
Sometimes it even is impossible to calculate the matrix analytically because the forward
modeling theory is too complicated. Fortunately. generalized linear inversion is a very
robust process and will allow one to use approximations to these partial derivatives that
may not be exact, but are computationally more efficient than the exact derivatives. In
fact. the error introduced by these approximations is probably less than the error due to
truncating the Taylor senies expansion. A number of different approximation techniques
are available to generate the desired derivatives. Here we will use finite difference

method. This numerical technique is a left-finite difference:

ds() (Stm, +am)=-S(m,)
dm Am

! 1

(4.40)

where S(t) represents the trace value at time t. The m; represent the ith parameter. Am,

is the finite difference.
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4.3.5 Damping technique

In practice, it is found helpful to correct the parameter vector, m, by only a fraction of the
correction vector as 30 , 0<B<=1; where B is called the damping factor; otherwise the
extrapolation may be beyond the region' where the function f can be adequately
represented Dy equation {($.34), and wouid cause divergence of the iterates. This is done
by solving equation (4.36) with a modified least-squares-error procedure. The
modification consists of the addition of the damping factor to the classical least-squares-

error solution which gives
(PTP+AD)S=P'd and J=(P"P+/AD'P'd (4.41)

where [ is the identity matrix. The damping factor. B. reflects the local linearity of the
error surface and can be calculated analytically as discussed by Marquardt (1963) or it
can be chosen in an empirical manner. Here we determine our damping factor according
to the suggestion by Marquardt (1963) as follows

1. let C>1,say C=10

2. let B denote the value of B from the previous

iteration. [nitially let B=1.0 for example.
3. compute ®(f) and P(F/C)

1. if ®(BIC)<= ®(B). let B=p/C

5. if ®(B/C)> ®(P), let B=pC
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4.3.6 SVD solution to matrix equation

To solve the matrix equation, a widely used matrix solution method (singular value

decomposition or SVD ) developed by Lanczos(1961) is used here.

~—=I1V enmteie P Al aa R
i>=K) matrik I, say, can be factored into a

product of three other matrices: P = UAVT, where U and V, ,,,, are respectively the

(nxk)
data space and parameter space eigenvectors, and A is a k xk diagonal matrix
containing at most r nonzero eigenvalues of P, with r < k. These diagonal entries in

A(A, Ay,.... A ) are termed the singular values of P. This factorization is known as the

SVD of P. If the eigenvalues of a matrix are small, the matrix is said to be ill-
conditioned. The SVD method is popular in geophysical data analysis because it is
robust mathematically and stable numerically. It also provides other vital information on
the state of the model and data thus enabling model resolution covariance studies.
Apply SVD to equation (4.41) in terms of the SVD of P

PP+ Al=VAU e UAVT +fl= V(A" + AD)VT (4.42)

and the least-squares generalized inverse is

PTP+A)'PT=V(AN+AD)"'VIe VAUT = V(A" + AI)'AUT  (4.43)
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so that the least-squares solution is given by
S=PP+A) " 'PTd=VA\ +AD)'AU"d (4.44)
4.3.7 Uniqueness and resolution

Once the correction vector has been computed from equation (4.44), it is possible to

compute the resolution matrix as defined by Backus and Gilbert(1968):
R=P'P (4.45)

The matrix R is a measure of the uniqueness of the solution. When R is the identity
matrix, the solution is unique. When R is not the identity matrix it indicates just which
parameters are not well resolved. If the nth element of the nth row (that is the element
that lies along the diagonal of R ) is one, then the nth parameter in the solution is unique.
When this element is not unity, the adjacent elements indicate just how well resolved the
nth parameter is compared to its neighbors. For example, if the elements of the nth row of
R is all zeros except for n-1. n, n+1 elements which are all 1/3, then the nth parameter in

the solution is ill-resolved with respect to the n-1 and n+1 parameter.
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4.4 FEASIBILITY STUDY

To test the performance of the inversion algorithm, we carried out model studies. As

shown in Figure 4.11, this is a four layer 1-D model.

0 Fl
QI1=1000. S1=0.00005 s/ft
200 FT
Q2=30. S2=0.00015 s/ft
500 FT
Q3=1000. S3=0.00005 s/ft
800 FT
Q4=1000. S4=0.00015 s/ft
1000 FT

Figure 4.11. 1-D four layer model

In our test study, we generate synthetic traces based on the parameter profile shown in the
Figure 4.11 using full waveform forward modeling. This synthetic will be treated as the

original field trace. Then the following numerical inversions are carried out.

In first model inversion, we change Q2 and H2 from 10 and 300 to 50 and 250
respectively and other parameters do not change. Using the changed parameter profile as
the initial model. we try to use the inversion aigorithm to extract the original profile.
This is to test how sensitive our inversion algorithm to both the interval thickness and the

Q value. The result is shown on Figure 4.12. We see that for the model in Figure 4.11, if
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we just change the target layer parameters in certain reasonable range (Q from 10 to 20,

AH =50), the Q profile can be perfectly recovered.

In the second, third and fourth model inversion examples, We just change Q of laver 2
and let the boundary free to see how well Athis algorithm can resolve the Q value. We
change Q2 from 10 o 50 in second example. We can see the Q2 still cun be recovered
pertectly (Figure 4.13). Then we change the Q2 from 10 to 100 in third example. The
results (Figure 4.14) show a little tradeoff in thickness identification and both the
thickness and the Q value are recovered very well. Finally we just change the Q2 from 10

to 1000 in the fourth example. The results (Figure 4.15) show more tradeoff of thickness

than does example 3, but both the thickness and Q value are still recovered very well.

The above four tests assume our seismic traces are not processed and that the multiples
and the amplitude all are preserved. In fact, seismic field data are processed and generally
the amplitude cannot be preserved. To model the facts, we add a “light” AGC to our
forward model to simulate processed data. In the inversion process, it is supposed we
just know that the seismic trace is AGC-filtered, but we do not know what AGC is used.
In this case. we employ the powerful feature of the inversion algorithm, the
parameterization. What we do is that we assume the length of the AGC filter used is an
unknown and parameterize it into the parameter vector. Then we change the Q2 from 10
to 1000 as in example 4 and repeat the inversion procedure again. The inverted Q profile
is shown on Figure 4.16 with the initial and original profile. Figure 4.16 shows that the

inversion result of filtered data is as good as the result of unfiltered data in example 4.
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This means our inversion algorithm will be very robust even working with filtered data if
we parameterize variables of the processing methods into the independent parameter

VecCtor.
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Figure 4.12. Q model inversion 1: Q2 and H2 are changed initially from 10 and 300 to 20 and 250
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Figure 4.13. Q model inversion 2: Q2 is initially changed from 10 to 50
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Figure 4.14. Q model inversion 3: Q2 is changed to 100, which originally is 10
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Figure 4.15. Q model inversion 4: Q2 is changed from 10 to 1000
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CHAPTER 5. ITERATIVE SCATTERING-REMOVAL
METHOD FOR DOWNHOLE ATTENUATION
MEASUREMENTS USING VSP’S

5.1 INTRODUCTION

In Chapter 3, a general description of the methods to measure attenuation from VSP data
were given. Although these methods are feasible in theory. they have various difficulties
when applied. Typical difficulties are scattering-removal. first arrival isolation and
coupling variations. Existing methods include: (1) Spectral ratio method of Kan et al.
(1981) which tries to solve the scattering problem by averaging spectra: (2) The inversion
algorithm of Kang and McMechan (1994) which tries to separate scattering attenuation by
using an additive relation (or assumption); (3) The inversion method of Amundsen and
Mittet (1994) which address the coupling problem. All of these methods address certain
aspects of the problem but none have completely solved the problem. Some of these
methods have been improved in solving scattering problems. All these techniques suffer
from the necessity to isolate the direct down-going arrival. although in principle, the

inversion method could be extended to include the full VSP seismogram.

The method described here is a modification of Kan’s spectral-ratio method in principle
and in technique. but is akin to extension of the inversion method in that it allows
scattered events in the analysis window, thereby avoiding the first-arrival-isolation
problem. This method, using the linear properties of seismic spectral ratios, is free from

receiver sonde coupling problems unless the variations in coupling are frequency
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dependent over the seismic bandwidth. Using the available impedance profile calculated
from well logs, VSP synthetics that include up-going and down-going waves, multiples
and attenuation are calculated. The scattering effect is removed iteratively by matching

real spectral ratios with synthetic spectral ratios.

Nurmerical modeling of infinite bandwidth and band limited cases shows that this method
is accurate, effective and robust. Application to real VSP data from offshore Gulf of

Mexico block Eugene Island 354 shows high attenuation associated with potential gas

pay.

In this chapter. the modified spectral ratio method will first be described as will the
presentation of VSP synthetics. The attenuation extraction method will then be tested by
numerical modeling. Finally, the method is applied to real data from offshore Gulf of
Mexico block Eugene Island 354 and the attenuation profile is compared to the available

well log data.
5.2 ITERATIVE SCATTERING REMOVAL METHOD

Supposing that the earth is laterally homogeneous and that the offset of the VSP source is

negligible, the amplitude spectrum of a windowed VSP trace at depth z, A(f,a.z). can

be written as

A(f.a,2)=S(f.QE(f,a,2)T(f,2) (5.1
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where fis frequency, « is the attenuation coefficient, : is the geophone depth, and S(f, z)
is the field source spectrum which may vary from shot to shot. T(f, z) is the recording

system transfer function. The earth response, E(f,.z2), is written as

E(f.a.2)=G(f.a.2)exp[- a(f.2)z] (5.2

Here, the effects of spreading, intrabed multiples and transmission losses are lumped

together in G(f,«,z). Using the constant Q-attenuation relation where the attenuation

coefficient, «, is given by a(f.2) =7 / Q(2)V(2) . gives

Af.Q,2) =S(f.AT(f.IG(f, Qw)exp( oG- )V( )) (5.3)

where V is velocity, and Q is the quality factor which can be assumed to be independent
of frequency in the seismic frequency range (McDonal et al., 1958). In fact, Q need not
be constant with frequency. only the product QV, however, we expect V to vary only

slightly over the seismic band. The amplitude spectral ratio a(f,Q) for depths z, and z,

is given by:

a(f,.Q)=0o(f)+t(f)+g(f.Q)+4Az/ QV (5.4)
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where a(f.Q) =In(A(f.Q.2)/ A(f.Q.2,)).

A=, -2

~2 ~p

af) =[S, )/ 8. ()

¢(f.Q)=1n[G(f.0.2)/ G(f.Q.5,)],

A =In(T(f 2N/ T(f.200)
The recording system effect. T(f.z), includes two parts: the instrument filter and geophone
coupling. The filter from the same instrument can be assumed invariant with small depth

changes. If, in addition, the coupling effect is independent of frequency or the frequency

dependence does not vary, 1(f) is zero or a constant.
Suppose the waveform spectra have been corrected by the source signature S(f). Given
K =nfAz/ QV , we have

a(f.Q)=g(f.Q )+ Kf +t(f) (5.5)

We can replace g(f.Q ) with g(f,Q.) which is the spectrum where there is no

intrinsic attenuation ( Q.) and make an initial Q estimation from:

a(f.Q)-g(f.Q.) =Kf +1(f) (5.6)

Using this initial Q estimation from K, we can calculate the synthetic spectral ratio a “as
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a(f‘Q) = g(f‘Qemmau) + Kﬂnmdltf (57)

This a”is different from the true spectral ratio a. Subtracting equation (5.7) from (5.5),

gives

a(-f‘Q) _a'(f‘Qa“"m“) = g(f‘Q) - g(f'Qexummz) +(K - Kt:mmxle )f + t(f) (58)

Modeling shows that g(f.Q) - §(f.Q.mx ) is approximately a linear function of the

frequency. Thus equation (5.8) can be rewritten as

a(f.Q)=a (f.Q.mme) = MKF +1(f) (5.9

where Q is the attenuation parameter we wish to determine. a ( f.Q) is the synthetic

esiimate

spectral ratio calculated assuming Q=Q AK is the estimated slope deviation of the

estimate *

synthetic spectral ratio from the true spectral ratio, and

AR =g f O/ f=8(f Qeeumue) | [+ (K=K ) (5.10)

From equations (3.5) - (5.9), the intrinsic attenuation can be estimated in the following
way: Assuming the impedance profile is known from well logs, the synthetic spectral
ratio can be calculated. If the synthetic spectral ratio of non-intrinsic attenuation

g(f.Q.)is used as the scattering effect term g(f.Q ) in equation (5.5), an estimation of
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Q from the slope K from equation (5.6) is obtained. This estimation is not exactly the true
intrinsic Q, but deviates somewhat because the multiples have experienced different
attenuation than primaries arriving in the same window. So, if this Q is used to calculate
the synthetic amplitude spectral ratio, this ratio will be different from the correct spectral
ratio. and the slope AK in equation (5.9) will be an estimate of the deviation from the true
slope. Using this estimated deviation of slope to correct the former estimation, gives an
improved estimate of Q. Applying this correction iteratively converges to the true Q

value. Thus, Q can be iteratively estimated from the amplitude spectral ratio at z, and

The following procedure is used to estimate Q:
1. Calculate the VSP spectra within predefined analysis windows (preceding the tube
wave and other non-modeled events) on the VSP data at the target depths. compute

frequency spectra and perform source signature normalization.;

| )

Calculate the spectral ratio between two depths from real data as S1;

Generate the synthetic spectra at the target depths;

Q)

4. Calculate the spectral ratio from synthetic data assuming no intrinsic attenuation as
SO;

5. Subtract the logarithmic spectral ratios as In(S,)—In(S,). This is referred to as the
contrast spectral ratio.

6. Estimate the intrinsic Q using the slope K of In(S,) —In(S,) versus f;

7. Calculate the spectral ratio from synthetic data assuming intrinsic attenuation has a

value of the estimated Q from step 6 as S2 ;
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8. Compare Sl and S2. if the two curves have discrepancy below a predefined
threshold, the iteration stops;

9. Use the difference of In(S,) —In(S,) to estimate the slope deviation AKX ;

10. Use AK to correct the former estimater of Q and repeat the procedure from step 6
using the corrected Q.

As down-going and up-going events are affected by the Q profile outside the depth range.

3, and Z,. the iterations must proceed simultaneously for all depth ranges.

Note that this method does not use the wavelet spectrum but the spectrum of the response
signal (the VSP trace) to calculate the spectral ratio. This avoids wavelet extraction
difficulty. The synthetic calculation already includes the up- and down-going waves in
the VSP trace: there is no need to filter out up-going waves and multiples as is done by
Amundsen and Mittet (1994). In fact, all arrivals become part of the signal, and do not
confound the spectral ratios by introducing spectrum notches that may vary in frequency
between depths. Synthetic studies show that the technique converges without requiring an

initial Q profile starting model.

It is obvious that the key to this method is the synthetic VSP. In the following the full

waveform synthetic VSP modeling algorithm is described.
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5.3 SYNTHETIC VSP

In Chapter 4. Claerbout’s method is modified to include inelastic non-Goupillaud media
for surface seismic forward modeling. Here the method is extended to permit VSP
synthetics that include inelastic non-Goupillaud media and geometric spreading. Tube
waves are not modeled and are assumed to be suppressed by filtering or outside the

analysis window.

5.3.1 Medium model

The synthetic VSP method assumes a [-D layered inelastic medium and normally
incident waves. A layered medium can be specified by giving the reflection coefficient
and the transmission coefficient at each interface and the thickness for each layer. Figure
5.1 shows the general 1-D medium, where t is the transmission coefficient, ¢ is the
reflection coefficient, x is the thickness, U refers to the up-going wave and D refers to the
down-going wave. x, is the thickness of the kth layer. ¢, and ¢, are the transmission and
reflection coefficients at the kth interface for incidence from below the interface. ¢, and
¢, are the transmission and reflection coefficients at the kth interface for incidence from
above the interface. U, and D, refer to the up and down-going wave at the top of the kth
layer just below the (k-1)th interface. U, and D, refer to the up and down-going wave at

the bottom of the kth layer just above the kth interface.
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Figure 5.1. The general 1-D medium model. Z, refer to the thickness of the kth layer.
t,. c,refer to the transmission and reflection coefficient at the kth interface from up to

down. t,. c, refer to the transmission and reflection coefficient at the kth interface from
down to up. U,, D, refer to the up and down-going wave at the top of the kth layer just

below the (k-1) the interface. U,. D, refer to the up and down-going wave at the bottom
of the kth layer just above the kth interface.
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5.3.2 Propagation equation

According to the continuity principle and energy conservation principle.

M -
e, 1lp 1D

According to wave theory in an attenuating medium and geometrical spreading

U :lUke"ﬂ"e"“'
X, m i, g Tr ] T rr
" =o'ty \iL | _ L[ OIUJ (5.12)
| l ‘

! ]
D; =—D.e"e™™
X,

L : . : : :
where — compensate the geometrical spreading, « is the attenuation coefficient and f

e

is the wave number. The later two are related to quality factor Q and velocity V by

a=nr1QV (5.13)
2
= 7 (5.14)

Combining equation (5.11) with equation (5.12) gives the propagation equation including

attenuation and the geometrical spreading.
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5.3.3 Synthetic VSP

Considering the basic seismic geometry shown in Figure 5.2, the earth sends the up-going
reflectivity series -R to the surface. The surface is free and returns the down-going
reflectivity R back into earth. E is the escaping wave at the bottom layer. Suppose there

are k interfaces in the geometry. From the propagation equation (5.13),

0] Ll/:,r,‘x,l ck:,/r,x,] (12,0, cl:.,/r,.t!',l:-R}
| |= i
’E| I+

cltexy  zltex, Dlednx, oz /nx [1+R (5.16)
_Fu Fol-R]
= . !
LFu Fell-Ry

Solving equation (5.16) gives the reflected wave at the surface and the transmitted wave

at the bottom in the frequency domain:

R = ——m— (5.17)
Fn - Fl’

(5.18)
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Figure. 5.2. 1-D seismology geometry. The impulse is initiated at the surface. The
earth sends back refection -R to the surface. The surface is free and returns R back
into earth. E is the escaping wave at the bottom layer.

99



Equation (5.17) and (5.18) can be transformed into the time domain by Fourler

transform:

l T -fwt
R(t) = 2—”~£R(a})e dw
- (5.19)
1
E) = 5= JEwe ™ dw

Equation (3.17) and (5.18) give the reflected seismic wave R at surface and transmitted
wave E at the bottom if impedance and Q are known. Knowing R in the first layer, the

up-going wave U and down-going wave D at any interface K can be calculated using the

following equation.

(UM} Uz, cz /et Uz, ¢z /e, -R
Do | Lo/t ozl J"'[cl/rl 2/t | 1+R i
5.20)
F, F.|-R
“|F, F.|l+R
The VSP spectrum at interface K is equal to(Uk,[ +D,., )

5.4 NUMERICAL EXAMPLES

Two numerical examples using VSP synthetics are presented to demonstrate the

performance of the proposed method. One has an infinite bandwidth source signal, while
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the other is band limited. In both cases, the source signal passes through a set of 300
synthetic layers that are 1 foot thick and have random velocities. The density is taken to

be constant and is set to given value. Q estimation is carried out on the synthetic trace.

In the infinite band case. the source is an impulse that has an infinite frequency range and
a constant amplitude. After the impulse passes through the modeled layers, its spectrum
is attenuated and distorted. Figure 5.3 compares the spectra of the transmitted waves in
cases of intrinsic Q=o0, 100 and 10 and illustrates how attenuation and multiples are
interacting. The amplitude reduction due to Q attenuation is much greater at frequencies
where multiples are constructive (spectrum peaks) and less where the multiples are
destructive (spectrum valleys). In this case, the transmitted wave spectrum at the bottom
ot the section is divided by the impulse spectrum at the top of the section to get the
spectral ratio. Figure 5.4 shows the difference between the theoretical and synthetic
scattering-only spectral ratios for Q=10. Note that, due to multiples, the regression fit to
the contrast spectral ratio differs from the correct line. The slope of the predicted line
from the contrast spectral ratio is used to obtain an initial estimate of Q. The iterative
procedure described in the previous section is followed to remove the scattering effects
and to get the correct Q. First, the Q obtained by linear regression of the contrast spectral
ratio from Figure 5.4 is used to estimate the synthetic ratio with attenuation. This
synthetic ratio is different from the theoretical ratio because the predicted Q used is not
the true Q. Figure 5.5 compares the theoretical spectral ratio for Q=10 with that from the
synthetic generated using the first estimated Q. The estimated slope deviation (0.0018;

see Figure 5.6) is then used to correct the former Q estimate. These steps are repeated

101



until after 6 iterations, the estimated Q is close to the correct value. Figure 5.7 shows the
real spectral ratio and the last predicted synthetic spectral ratio. The iterative results are
listed in Table 5.1. Figure 5.8 shows the estimated constant Q lines in each iteration, the
correct constant Q line and the difference of the observed and synthetic scattering-only
(Q=o0) spectral ratios. The iterative procedure works effectively to remove the scattering

effects.

Table 5.1. Step results of Q estimation using iterative scattering-removal method for infinite band
case

lteration # K-slope estimated Q estimated AK-slope
correction
1 0.0033 6.67 0.0018
2 0.0015 14.67 -0.0012
3 0.0027 8.15 0.0008
4 0.0019 11.6 -0.0005
5 0.0024 9.17 0.0003
6 0.0021 10.5

In the limited band case (Figure 5.9), the iterative method also works well. The spectral
ratio is calculated by dividing the transmitted wave spectrum at the bottom of the section
by the wave spectrum at the top of the section. Taking the spectral ratio with Q=10 as the
observed spectral ratio and the spectral ratio with Q=<0 as the synthetic scattering-only
spectral ratio, Figure 5.10 shows the subtraction of the observed spectral ratio and the
synthetic scattering-only spectral ratio, the predicted trend from the subtracted curve and
the correct line for Q=10. The scattering effects once again cause the linear regression fit

to be erroneous. Following the iterative procedure, scattering is removed and a
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satisfactory Q value is estimated after 5 iterations. The iteration results are listed in Table

(94

.2. Figure 5.11 shows the estimated constant Q lines for each iteration, the correct

constant Q line for Q=10 and the spectral ratio difference.

Table 5.2. Step resuits of Q esumation using iterative scattenng-removal method tor hmited band
case

Iteration # K-slope estimated Q estimated JAK-siope correction
1 0.0029 7.49 0.0015
2 0.0014 15.7 -0.001
3 0.0024 9.2 0.0006
4 0.00234 9.4 0.0005
5 0.0023 9.57

To test that the method is unaffected by frequency independent coupling effects. synthetic
tests were made where the VSP traces were multiplied by different scalars from location

to location. The Q estimation was unaffected.

5.5 APPLICATION TO REAL DATA

The method was applied to real VSP data (Figure 5.12) from well D11 of the Eugene
Island 334 Field, offshore Gulf of Mexico. This is a multi-shot VSP survey. The source
signature is normalized for every trace in the frequency domain. The spectra are summed
at each depth to get the average spectrum. The estimation method is applied to the

average spectra from depths 4980.5 to 10175 feet where only a heavily edited sonic log is
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available. Some error in Q estimation is expected due to lack of impedance information
above 4980.5 ft. Anomalous spectral traces are removed. Then the spectra are scanned
visually. Depth zone boundaries were set by spotting locations where the spectral
amplitudes were obviously attenuated differently. The iterative correction was applied
simultaneously to the entire profile. That is, a gross Q-profile prediction by estimating the
Q for each section from simpie spectrai ratio differences within that section was tirst
obtained. Then the entire predicted Q profile was used to calculate the new synthetic VSP
data. The new predicted VSP spectral ratio differences and the real spectral ratio
differences gave a depth dependent profile correction, and the correction procedure was
repeated. After only three repetitions, the iterative error fell below 1.0e-4. Table 5.3 lists
the iterative results from each step. Figure 5.13 shows the computed intrinsic attenuation
profile compared with related well log data. The attenuation profile correlates with
independent well log information such as gamma ray and resistivity logs. At a depth of
6825 feet. a potential reservoir exhibits anomalously high attenuation. Q values of 10 and
under are estimated in much of the section at and immediately below the prospective pay

zone, which is plausible if free gas occurs in the interval.
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Table 5.3. Step resuits of Q estimation using iterative scattering-removal method for real VSP

data
Gross Q Iteration 1 Iteration 2 lteration 3
estimation
Md D(KB) K Q DK Q DK Q DK
5325 0.0007| 196.6 0| 196.6 0| 196.6 0 196.6
5825 0.0007| 73.2] 0.0002| 56.9 -0.00003| 58.9 7E-07 58.8
6825 0.0045 23.5| -0.0006| 27.2 0.0003| 25.2 -0.0001 25.8
7325 0.0126 4.7| -0.0039 6.9 0.0015{ 5.86 -0.0005 6.16
7825 0.006 9.5| -0.0006f 10.6 0.0002} 10.2 -0.00009 10.4
8325 0.0063 8.4 -0.0011} 10.1 0.0003f 9.58 -0.00008 9.72
8825 0.002] 27.7| -0.0008| 46.1 0.0004| 34.6 0.00003 34
9275 0.0058 8.8{ -0.0001 9.0 -0.0003 9.5 0.0001 9.33
10175 0.006f 16.6{ 0.0004] 15.5 -6E-06] 15.5 -0.00002 15.6
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CHAPTER 6. DISCUSSION AND CONCLUSION

Accurate estimation of intrinsic attenuation from both surface seismic and VSP data is
needed for attenuation research and calibration of attenuation based direct hydrocarbon
indicators. In tact both measurements are difficult. However, as VSP data has the benefit
of more information from the borehole in the form of sonic and density logs, it is easier to
extract accurate estimates of intrinsic attenuation from VSP data. Accurate measurement
of attenuation from VSP’s can not only help us to understand the relationship between the
attenuation and fluid content, but also can verify the techniques of attenuation
measurement from surface seismics. Thus starting with a VSP is an easy way to combat

various difficulties in attenuation measurement and application.

Since measurements in a borehole generally are accurate in the depth direction but have
small lateral penetration, large errors can be introduced by interpolation between and
extrapolation from well locations. In contrast, surface seismic measurements are laterally
continuous. Therefore, integrated application of information from both seismics and VSP

should improve the estimation of intrinsic attenuation and then reservoir properties.

The iterative scattering-removal Q estimation method from VSP data is more accurate
than conventional spectral ratio methods. This method can compensate for traditional
difficulties such as scattering, coupling and first arrival isolation, and at the same time
allow accurate estimation of the intrinsic attenuation. The research presented here
represents significant progress in attenuation measurement from VSP data. This method

will be an important means of calibration of surface seismic attenuation attributes. It has
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already confirmed anomalously high attenuation in a likely hydrocarbon zone, and will
be an effective tool for the study of attenuation using field data. Further studies to
establish the statistical relationship between intrinsic attenuation and reservoir
characteristics can be expected. Accurate estimation of attenuation also provides

important support for attenuation estimation from surface seismic data. However, the
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qud‘vC aCﬂstTlng-I‘CTﬂC‘v& mcinca XS ncl pC.u.C:. .. AL ‘v\:u %} in G Quiing pracuca

‘e
-

(]

application. The current method is susceptible to errors caused by early arriving tube-
waves or shear-waves (due to mode conversions in the borehole), and could be improved
by incorporating these events into the forward modeling. Improved understanding of
how the signal/noise ratio and windowing and sampling phenomena affect the spectral

ratio is needed to further improve attenuation estimates.

Application of attenuation as an exploration and development tool requires reliable
measurement of Q from surface seismic data. The full waveform GLI inversion method is
an important attempt in measuring Q from surface seismics. Most of the existing
methods are restricted because they cannot solve the wavelet and scattering problems.
The inversion method addresses these problems by directly inverting Q from the seismic
trace. The method requires that multiples not be attenuated by processing. It can pertectly
recover the Q values in simple models even if there is not a well-defined initial Q profile.
This promising result implies that we can simplify our inversion model and focus on the
formations of interest to obtain the correct intrinsic attenuation. Case studies are needed
to further test the full waveform inversion method and to extend attenuation

measurements from the borehole.
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